The Atlantic meridional overturning circulation (AMOC) is projected to weaken in the coming century due to anthropogenic climate change. Various studies have considered AMOC weakening and collapse, with less research focusing on the processes and timescales of the recovery phase. This study uses a coupled climate model to explore the roles of salinity and temperature in AMOC recovery after a weakening. The North Atlantic and Arctic region was hosed with freshwater for 200 years. The mean Atlantic salinity increased strongly during recovery, and remained elevated for ~ 600 years post hosing. The behaviour of the AMOC was well reconstructed by applying "rotated geostrophy" to meridional density gradient profiles between 50°N and 30°S. This makes it possible to determine the role of overturning, gyre, and surface fluxes in the North and South Atlantic. Changes at 50°N dominate the weakening and early recovery. The magnitude of the overshoot to high AMOC transports in the recovery phase was related to density changes in the South Atlantic.
Introduction

The AMOC and its stability
The Atlantic meridional overturning circulation (AMOC) is an oceanic system of currents carrying warm buoyant waters to high northern latitudes, balanced by a cool deep return flow. Climate projections suggest that the AMOC strength will decline due to anthropogenic climate change. The IPCC report stated best estimate reductions of 11-34% for the RCP2.6 and RCP8.5 scenarios, respectively, running up to 2100 (Collins et al. 2013) . However the degree of resilience to short term forcing remains unclear. A potential driver of AMOC weakening is the melting of the Greenland ice sheet. By 2100 annual average temperatures over Greenland could increase by 3 °C due to greenhouse gas increases-sufficient to give a gradual effective elimination of the sheet ice (Gregory et al. 2004) . It has been suggested that a temperature increase of 1.6 °C may be sufficient (Robinson et al. 2012) . Should the entire ice sheet melt, it would release profound quantities of freshwater into the North Atlantic Ocean, impacting regional buoyancy over a period of 1000 years or more, (Gregory et al. 2004) . A model study ) which reassessed previous IPCC simulations (Schmittner et al. 2005 ) with the addition of a freshwater source from Greenland ice melt found AMOC reductions of 35% and 42%, for conservative and high melting estimates respectively, compared to 30% without Greenland melting. Further freshwater may be supplied by the melting of Arctic sea ice (Sevellec et al. 2017) . The focus of this study is the mechanistic nature of AMOC weakening and recovery, and how these two processes differ from one another.
Freshwater hosing experiments seek to explore the impact of the North Atlantic being freshened by ice melt. Kleinen et al. (2009) found that the ocean responded dynamically to the input of freshwater (hosing) in the HadCM3 climate model. Hosing weakens the AMOC, reducing the northward advection of heat and salt. However, a fresh buoyant cap forms at the air-sea boundary, beneath which the subsurface waters become isolated from surface fluxes and so remain warm and salty as they travel north. This leads to density anomalies that can cause instability in the water column.
In hosing simulations that continue for a substantial time with no additional hosing after the AMOC has weakened, 1 3 the AMOC often recovers and sometimes with an overshoot, Stouffer et al. 2006; Cao et al. 2016) . This may be due to the gradual warming of subsurface waters at low-and middle-latitudes (Stouffer and Manabe 1999) along with increased northward salinity advection (Thorpe et al. 2001; Bitz et al. 2007) . In lowresolution (FAMOUS) simulations, the AMOC has been shown to begin recovery soon after the hosing ends (Smith and Gregory 2009) , with similar rates of recovery seen in simulations where the AMOC had weakened to different extents. Smith and Gregory (2009) found no evidence of irreversible weakening in the AMOC. Two of the simulations ended with AMOC strengths greater than that of the control run, as had been previously reported (Stouffer et al. 2006) . This was attributed to double-up resulting from 'compensating' deep-water formation in the GIN Seas continuing whilst the Atlantic deep-water formation recovered (Smith and Gregory 2009 ).
Changing salinity of the Atlantic Ocean
It has been suggested that the principle diagnostic for controlling AMOC strength is the mean Atlantic salinity. Changes in Atlantic salinity have been found to play an important role in weakening and recovery of the AMOC due to its impact on water density (Jackson 2013 ). It has also been shown that the strength of overturning scales with the meridional density gradient (Stommel 1961; Cimatoribus et al. 2014 ) and that it may be possible to estimate the Atlantic stream function by a comparison of density profiles in the North and South of the Atlantic (Sijp et al. 2012; Butler et al. 2016) . Changes to the North-South Atlantic density gradient have been found to be able to collapse the overturning (Cimatoribus et al. 2014) .
To understand the role of salinity in the Atlantic, we need to consider the freshwater transports at the southern limit of the basin. When the northward freshwater transport by overturning, F ov , at 30°S is positive the AMOC is net exporting salinity. Under this condition, if the strength of the AMOC is reduced it leads to a build up of salinity. This increases Atlantic density, which in turn drives an increase in the AMOC. Positive F ov therefore results in a negative feedback to a perturbation in the strength of the AMOC. However, when the F ov is negative the AMOC is importing salinity. A reduction in the strength of the AMOC results in a decrease in the salinity of the Atlantic, reducing Atlantic density. This in turn further reduces the strength of the AMOC, giving a positive feedback (Rahmstorf 1996) . Simulations modelling AMOC collapse (Hawkins et al. 2011 ) have found a negative value for F ov during the collapse, with positive values on either side. It has been suggested that negative F ov indicates the presence of a bistable regime (de Vries and Weber 2005; Hawkins et al. 2011) , though this is inconclusive with other studies suggesting a need to find the freshwater divergence over the basin (Dijkstra 2007; Huisman et al. 2010; Liu 2013, 2014) . The use of F ov as an indicator of freshwater transport into the basin may be undermined if there large changes in the salinity transport by either gyre activity (Jackson 2013) or the Antarctic bottom water (AABW), as each of these can lead to a mismatch between the overtutning transport and the salinity feedback.
While F ov originates in bistability studies, as a diagnostic it is underpinned by the idea that the dominant feedback on AMOC transport is captured by the basin scale transport of freshwater at 30°S. We therefore intend to explore whether this diagnostic can be used to understand the weakening and recovery pathways in the essentially mono-stable simulations presented here.
Observations and reanalysis suggest that the Atlantic currently has negative F ov at 30°S (Weijer et al. 1999; Hawkins et al 2011; Bryden 2011; Garzoli et al. 2013) . The observed values indicate a positive salinity advective feedback, meaning that freshwater perturbations may be amplified potentially enhancing any weakening (Garzoli et al. 2013 ). However, F ov cannot always be assumed to scale with the total freshwater transport, as a significant contribution can also be made by the freshwater transport by gyre activity, F az . F ov has been found to reduce and become negative with increasing F az , (de Vries and Weber 2005; Huisman et al. 2010; Cimatoribus et al. 2012 Cimatoribus et al. , 2014 Jackson 2013) . Changes in F ov can also be compensated for by changes in F az , reducing the impact on the total freshwater transport (Jackson 2013 ).
Aims
While previous studies have identified processes related to AMOC weakening, recovery and overshoot, questions remain concerning the extent of mechanical symmetry between weakening and recovery phases, and how well these processes can be defined using the frameworks described in Sect. 1.2. In this study, we use both approaches to examine the decline and recovery phases. We use an ensemble of freshwater hosing simulations in a low-resolution coupled climate model to robustly distinguish between driving mechanisms and chaotic variability, and to determine the ability of the two frameworks to capture the driving mechanisms. We find that meridional density gradients explain the detailed temporal structure of the AMOC during both phases (Sect. 4), and that we are therefore able to reduce the problem to a density analysis of the North and South Atlantic (Sect. 5).
Methods
Model description
We used the Fast Met Office/UK Universities Simulator (FAMOUS), (Smith et al. 2008; Smith 2012) . FAMOUS is a low-resolution ocean-atmosphere general circulation model. It is a computationally cheaper version of the higher resolution HadCM3, (Gordon et al. 2000) , using mostly the same code, which has been tuned to produce similar climate results. FAMOUS has an ocean resolution of 3.75° longitude by 2.5° latitude, with 20 vertical levels. The horizontal atmospheric resolution is 7.5° longitude by 5° latitude, with 11 vertical levels. The atmosphere and ocean were coupled once per simulated day, consisting of 24 atmospheric time steps and 2 ocean time steps. Higher resolution models may have significant feedbacks that are absent from FAMOUS, such as altered net advection through the Bering Strait where a reduction of the freshwater flux may impact the response of the AMOC to freshwater forcing (de Boer and Nof 2004; Hu et al. 2012; Liu et al. , 2017 . However the relationship between Atlantic meridional density gradient and AMOC strength has been shown to be robust in an eddypermitting model (Butler et al. 2016) indicating that our analysis approach is applicable to such models.
FAMOUS representation of the AMOC compares well with a variety of higher resolution fully coupled climate models (Boulton et al. 2014) . Comparison with observational data is difficult due to the short observational record. However, the mean transports at 26°N in the Atlantic given by FAMOUS and those estimated by the RAPID/MOCHA/ WBTS array over the years -2012 (McCarthy et al. 2015 , both give ~ 17.5 Sv. In the control runs, which used a pre-industrial climate with constant forcings, FAMOUS was found to have interannual variability of ~ 2 Sv. FAMOUS has broadly realistic sea surface salinity and temperature values, Fig. 1 . The surface salinity values vary more strongly, with a wider range of values, in FAMOUS than in observations. In the Northern Hemisphere FAMOUS has a high latitude cold bias in winter, making it 5 °C cooler than observations. This leads to excessive North Atlantic sea ice and likely contributes to the strength of the AMOC. The control stream function and zonal mean salinity are given in the top panels of Fig. 2. 
Freshwater hosing scenarios
The freshwater forcing, F, was achieved by applying an additional fresh water flux to the ice calving parameter, in units of kg m −2 s −1 . This was calculated as:
where H is the hosing rate in Sv, ρ fw a constant for the density of freshwater, here taken to be 1000 kg m −3 , and A is the hosing area in m 2 . Simulations were hosed with 0.2 or 0.5 Sv of freshwater. This was applied evenly over the surface from 50°N in the Atlantic to the Bering Strait. The freshwater input was balanced by volume compensation, throughout the entire ocean, effectively subtracting salt out of the surface of the hosing region and adding it back in equally over all ocean boxes to conserve the global reservoir. This was chosen in preference to surface compensation, where the freshwater input is balanced by returning the salinity to the surface boxes only. Surface compensation impacts global density stratification and has been shown to result in a bistable AMOC in FAMOUS, while the volume compensation used here results in an essentially mono-stable AMOC (Jackson et al. 2017) .
'Top hat' experiments were used, where the full hosing value was imposed from the first time step. Hosing was applied constantly for 200 years, and then stopped. The simulations were then run on for a further 400 years to observe the recovery process. Ten simulations were run with each of 0, 0.2 and 0.5 Sv of freshwater forcing, each of the 10 runs being initialised from a different point along an equilibrium state simulation. Unless otherwise specified, the results presented will be the ensemble mean for each hosing rate.
Salinity budget and transports
As there is no advection through the Bering Strait in FAMOUS, we take the Atlantic basin as having two open boundaries, at 30°S and at the air-sea surface. The salinity budget of the Atlantic is the change in salinity (S, in PSU), over time (t, in s), throughout a volume (V, in m 3 ):
where F S is the northward salinity flux at 30°S which can be described using the freshwater transports F ov , F az , and a small term for the diffusion, F d . Surf is the net salinity input due to precipitation, evaporation, river runoff, ice melt, and hosing. Additionally there is a residual component, Res, which includes small terms such as the Mediterranean
outflow, Gent-McWilliams scheme, and the Robert-Asselin filter (Smith et al. 2008) . The freshwater flux into the Atlantic basin by overturning, F ov, at ~ 30°S is calculated using the mean zonal salinity and velocity through a zonal section. F ov may be calculated using the equation:
where S o is a reference salinity, used to remove the barotropic contribution, − V (z) is the zonally integrated meridional velocity, and ⟨S(z)⟩ is the zonally averaged salinity (Jackson 2013) .
The F az is related to the strength of the zonal salinity and velocity gradients. This may be expressed as (Cimatoribus et al. 2012): where v � = v − ⟨v⟩ , and S � = S − ⟨S⟩. These changes indicate wider readjustments between the relative influences of different water masses. The hosing reduces the NADW transport, and a reverse circulation consisting of an enhanced AABW transport develops, Fig. 2 . Once hosing is removed the AABW rapidly reduces in latitudinal extent, with the centre of the recovering AMOC between 20°N and 30°N, at a depth of < 1000 m. As the AMOC gains in strength its centre migrates deeper and northward. Four hundred years after hosing was removed the AMOC has slightly higher maximum values than the initial state, by ~ 3 Sv, with a greater region showing high values.
Salinity and heat changes in the Atlantic basin
In this section we test the hypothesis that the asymmetry in weakening and recovery phases can be explained in terms of the mean Atlantic salinity and heat. This would be consistent with the idea that AMOC stability is determined by freshwater fluxes at the southern boundary of the Atlantic.
The mean salinity of the region between 30°S in the Atlantic and the Bering Strait was calculated for all of the hosing simulations. The mean salinity initially decreased due to the hosing. Increasing hosing does not linearly reduce salinity due to the impact of transports and feedbacks, Fig. 4a . In the 0.2 Sv runs these feedbacks lead to the salinity returning to initial values during hosing, with partial recovery in the 0.5 Sv ensemble. When the hosing was removed the mean salinity sharply increased, then began to level off after ~ 50 years. After another ~ 150 years the salinity reached a peak before returning to control values. Regardless of forcing rate this took ~ 600 years, being controlled by ocean overturning fluxes (not shown). Figure 4b demonstrates the absence of a simple relationship between the mean Atlantic salinity and the strength of the Atlantic stream function. Salinity and the stream function are initially well correlated (for the first 80 and 40 years for the 0.2 and 0.5 Sv ensembles, respectively), however the mean Atlantic salinity starts to increase before hosing ends while the AMOC continues to weaken. At the start of the recovery phase there was a quick increase in the value of the mean salinity before any substantial response in the strength of the stream function. This will partly be the direct impact of the removal of hosing, before the other salinity fluxes have had time to respond. The 0.5 Sv ensemble had maximum mean salinity values during the overshoot, before slowly reducing as the basin readjusts towards the control state.
The temperature of the basin also varied significantly over the course of the simulation, showing less asymmetry in the response through hosing and recovery. During the hosing phase the mean temperature of the Atlantic and Arctic region increased, Fig. 5 . When the hosing was removed, temperature was slower to return to the initial values. The developed temperature anomaly continued to dissipate through the overshoot and later stage of recovery. The impact this had on the densities for the 0.5 Sv ensemble will be explored further in Sect. 5.
Understanding AMOC behaviour with meridional density differences
Reconstructing stream function from density profiles
We want to find a mechanistic explanation for the asymmetric response of the AMOC. A promising approach to this problem is to explore the role of salinity and temperature by reconstructing the stream function from meridional density profiles. Butler et al. (2016) used a scaling relationship that links the Atlantic overturning to the twice vertically-integrated meridional density gradient, which they described as geostrophy, rotated by 90°. We can logically see that meridional pressure gradients can impact meridional overturning, as changes in the meridional pressure gradient will induce changes in zonal flow, impacting zonal pressure gradients, and thereby driving changes in meridional flow. Butler et al. (2016) obtained the strongest correlations by using density gradients at the western boundary. Here, we will use zonal means because of their connection with meridional heat and salinity transport.
Extent of reconstructive skill in hosing scenarios
The full width of the Atlantic was used to reconstruct the ensemble mean stream function, Fig. 6 . This gave a good approximation to the form of the stream function profiles calculated from the velocities, both spatially and temporally. We have taken our southern section at 30°S to describe the densities within the southern limit of the Atlantic Basin. The northern section is at 50°N, in order to both capture the subpolar densities and retain sufficient depth to include deep ocean processes. The scaling factor applied to the reconstruction was chosen to match the magnitude of the pre-hosing state to the control AMOC, and does not fully capture the magnitude of AMOC weakening. In order to consider how well the variability was captured we will compare the time series for single simulations as calculated from the velocities and from meridional densities, Fig. 7 . The reconstructions demonstrate both the features of weakening and recovery and the background decadal variability of the control run. Again, due to the constant scaling factor used, the full extent of weakening in the hosed runs is not seen in the reconstructions.
What dominates the density changes?
Relative role of the northern and southern densities
Having seen that the meridional density profiles at 30°S and 50°N can be used to reconstruct the strength of the stream function at 30°N, we now want to understand what induces these density changes. To simplify this question we break the influence down into that led by changes at 50°N and that due to changes at 30°S, Fig. 8 . This was done by repeating the reconstruction calculation using the 0.2 and 0.5 Sv ensemble means, firstly for the impact from density changes at 50°N, by holding the density profile at 30°S constantly equal to its initial state value. Then holding the density at 50°N constant to find the stream function resulting from changes at 30°S alone. This showed that the AMOC strength was primarily determined by the changes in the densities in the north. Density changes in the south are well correlated to density changes in the North but smaller in amplitude, acting as a simple moderator of AMOC decline and initial recovery. The 0.2 and 0.5 Sv runs show different magnitudes of impact while responding similarly and on the same timescales. They both show northern values rapidly recover in the first 100 years after hosing, followed by a more gradual adjustment. The 0.5 Sv run has an overshoot that cannot be explained without determining why the densities at 30°S return to initial values on a longer timescale than densities at 50°N. We have concluded that changes in overturning, with the exception of the overshoot, can be explained by changes in density at 50°N. To explain these density changes we have focused on the 0.5 Sv ensemble and determined the causes of convergence of heat and salinity over the northern and southern regions.
Understanding density changes with heat and salinity fluxes
The density changes at 50°N and 30°S can be understood by considering the changes in ocean transport and air-sea fluxes of heat and salinity. To do this we consider the ocean convergences (including overturning, gyre, and diffusion components) and surface fluxes over the boxes 45°N-55°N, and 32°S-22°S, Fig. 9 . We chose these broader regions to avoid impacts from localised variability. The northern box was chosen to centre on 50°N, and the southern box was chosen as the southernmost 10° where the domain would be zonally contained within lateral continental boundaries. The residual term was taken as the rate of change of the variable minus the sum of the ocean convergences and the surface fluxes, calculated using decadal mean values. The heat residual term is small, however the salinity residual is nonnegligible, due in part to the sub-grid scale eddy transports as represented by the Gent-McWilliams scheme (1990). In both the northern and southern boxes, there is some salinity reduction that cannot be attributed since it appears in the residual term.
At the start of hosing we see an initial freshening in the northern box, due to half of the box being within the hosing region. Then there is a strong increase in salinity convergence over the northern box, due to high salinity, reduced velocity, northward transports into the region. This acts to increase the density of the local water mass. The ocean heat convergence reduces during hosing, in line with the weakening of the AMOC. However, the heat content of this box increases significantly in the hosing phase. The region typically has a large heat flux to the atmosphere, as it imports warm lower latitude waters that release heat as they travel northward. The imposed freshwater forcing acts as a cap over the surface of the region, trapping warm saline waters underneath, greatly reducing the surface heat loss. In this model, the AMOC weakening is driven by the reduced density of the northern upper ocean resulting from freshening at the surface and warming from 200 to 2000 m (Fig. 10) .
When hosing is switched off (year 200) the northern surface freshwater input decreases, Fig. 9 . The ocean salinity convergence responds quickly (20 years), with reduced northward transport of salinity into the northern region. This represents the shutting down of the high salinity subsurface transport that was seen in Fig. 2 . The recovering AMOC brings in high salinity anomalies that contribute to the overshoot. These anomalies developed at low latitude due to changes in atmospheric circulation patterns, notably the southward shift of the ITCZ, during weak AMOC (not Fig. 8 Comparison of the reconstructed stream function strength for the 0.2 and 0.5 Sv ensemble means, due to the changes in zonal mean density at 50°N or 30°S. The shaded regions give ± 1 standard deviation. The black vertical line marks the end of hosing shown), as has been previously reported (Wu et al. 2011; Jackson 2013; Bouttes et al. 2015) . The heat of the northern box decreases over the first 50 years after hosing ends. During this time, the surface cap dissipates allowing for the surface flux to start to recover, as the strengthening AMOC exports some of the heat anomaly. The heat convergence then undergoes a fast transition, as the recovering AMOC again brings in waters warmed at lower latitudes. The high Fig. 9 Change in salinity and heat over boxes in the north (45°N-55°N) and south (32°S-22°S) of the Atlantic. Red: ocean convergence including overturning, gyre activity and diffusion, given as 10-year rolling means; blue: surface flux including hosing input, using decadal mean data; black: calculated rate of change of variable in box, given as 10-year rolling mean; dashed: the residual term calculated from the decadal data for the rate of change minus the sum of surface fluxes and ocean convergence. The shaded region gives ± 1 standard deviation and the black vertical line marks the end of hosing Fig. 10 Atlantic mean zonal anomaly plots for temperature, salinity and density, using the mean for the final decade of hosing (years 189-199) frequency structure of the overshoot is lead by these density fluctuations being transported into the downwelling region.
The southern box shows smaller amplitude net change during hosing. As the AMOC weakens, the South Atlantic changes from transporting heat northwards to bringing it southwards, in a more hemispherically symmetric manner. This means that instead of being a region of cool waters taking up atmospheric heat, the surface waters are able to warm the overlying atmosphere. On the removal of hosing, the ocean heat convergence responds significantly faster than the surface flux, leading to a cooling of the local ocean.
Role of overturning and gyre feedbacks
In order to identify the ocean mechanisms related to changes in the convergence of density we break the transports down into components of overturning, gyre activity, and diffusion. The distinction between these components at 50°N is less clear, due to the horizontal elements of the overturning transport in the sub-polar region, however we can still learn something from the apparent components. The northward salinity transports at 50°N, Fig. 11a , increased over the first 30 years of hosing, after which gyre transport began to weaken, while the overturning transport strengtheneddue to high salinity values (Fig. 2) . The two components therefore compensated for each other, suggesting a shift in the circulation structure and giving a steady total transport for much of the hosing phase. The overturning recovered quickly its initial values on the removal of forcing, while the gyre took longer, first exceeding initial values. This shows the low latitude high salinity anomalies being transported to the downwelling region by the gyre. This enhances the stream function recovery, with the gyre transports returning to near initial values during the stream function overshoot. A similar behaviour can be seen in the thermoclines at 50°N, which show a 'double dip' during recovery at around 1500 m deep, Fig. 12b . After a relatively fast initial recovery there seems to be a fluctuation during the overshoot, due to the downwelling of patches of warm water transported north from the sub-tropics by gyre activity, Fig. 11a .
Changes to the total salinity transport at 30°S were less pronounced, and yet as the boundary to the Atlantic basin, may still be significant to the basin state. The value of F ov at 30°S was positive in the control state (0.17 Sv, which is equivalent to a −6 × 10 6 kg s −1 salinity transport) and it remained so throughout hosing, having a minimum value of 0.1 Sv, Fig. 11b . This suggests that the AMOC control state may have been more stable in these simulations than in observation and reanalysis. The overturning did begin to import salinity into the basin at 30°S during the recovery phase, however this was compensated for by changes in gyre activity (increase in F az )-and so did not indicate change in the total salinity imported into the Atlantic basin. The use of F ov as an indicator requires that the changes in other contributions to freshwater transport, such as F az , are smaller at 30°S (Jackson 2013) which was not the case here. Weak AMOC coincided with times of reduced total northward freshwater transport at 30°S.
Influence of 30°S in AMOC overshoot
The changes in the southern density profile enhanced the strength of overturning. This was due to the warming caused by ocean heat convergence exceeding the atmospheric cooling, Fig. 9 , net reducing local densities. The thermocline at 30°S deepens during hosing, Fig. 12a , due to reduced North Atlantic overturning leading to the Atlantic exporting less dense water. The thermocline later shoals as it drains. This occurs on a multi-centennial timescale, with some lag to changes in freshwater forcing. As the response time is longer further from the site of hosing, the density profile at 30°S still contributes to an enhanced AMOC once the northern signal showed a near return to control values, Fig. 8 . This means that the densities of the South Atlantic provide a low frequency signal that gives the magnitude of the overshoot, with the higher frequency variability coming from the North Atlantic. This is in contrast with previous model studies' explanation for overshoot behaviour. It has been reported that as the AMOC begins to recover, the salinity anomaly built up in the subtropical gyre is advected to higher latitudes (Wu et al. 2011; Jackson 2013 , using CO 2 and freshwater forcing, respectively) leading to higher density waters in the downwelling regions-briefly enhancing the AMOC (Bouttes et al. 2015) .
Discussion
All hosed runs displayed asymmetry between weakening and recovery. The stream function at 30°N, 1500 meters deep, weakened quite smoothly over the 200 years of hosing. In the following 200 years it recovered, overshot and returned to near control values. The ensemble mean stream function strength for the 0.5 Sv simulations increased by 20 Sv over the course of 120 years.
Multiple studies have explored the climate impacts of an abrupt AMOC weakening Jackson et al. 2015) however less research has been done on the climate impact of abrupt recovery and overshoot. The findings of this study suggest that this could be an important topic for future research.
The meridional density gradient was a better indicator of the stream function than the mean basin salinity. This indicates that the distribution of heat and salinity within the Atlantic, rather than the mean value, was the primary control. High latitude subsurface heat increase, resulting from suppression of ventilation, has been reported in previous freshwater forcing studies, (Mignot et al. 2007; Krebs and Timmermann 2007) . This has been suggested to destabilise the water column and contribute to an abrupt AMOC recovery, once the forcing is removed allowing the isopycnal slopes to readjust, and heat to be released to the atmosphere. In this study the heat changes played a strong, destabilising, role throughout. A high salinity anomaly in the subtropical North Atlantic, accumulated during weak AMOC, being transported northwards as the AMOC recovers has been previously observed in models. The high-density water mass reaching downwelling regions has been used to explain strong recovery and overshoot, (Wu et al. 2011; Jackson 2013; Bouttes et al. 2015) . The way in which models disperse this density anomaly defines the recovery process within each model (Sgubin et al. 2015) . Our results indicate that the progress of the high-density water mass through the North Atlantic plays a crucial role in the recovery, and gives the high-frequency variability within the overshoot. However, the overshoot itself was caused by the longer timescale behaviour governing pycnocline depth in the South Atlantic.
In summary, the results of this study suggest a recovery process of the AMOC that is mechanistically different from the weakening process, influenced by the deepening of the South Atlantic thermocline. The initial stream function recovery in FAMOUS was related to the removal of hosing input, allowing North Atlantic surface heat and freshwater fluxes to recover. For the full recovery, the density needed to increase in the northern latitudes. The overshoot took its high frequency structure from the north Atlantic density transports, and its magnitude from density changes at 30°S.
